In a system where two phases coexist, a seismic wave can disrupt the pre-existing equilibrium and induce a re-equilibration process. Because the kinetics of the phase change is not instantaneous, the transformation induces an attenuation of the wave that can be quantified using an appropriate physical theory. Kinetics of Earth's phase transitions are not well known: in this paper we show that they can be constrained by seismic attenuation data. We quantify the influence of a phase transition upon seismic mode attenuation and body wave reflexion coefficient. We perform a numerical application for the olivine to wadsleyite transition at 410 km depth, assuming a phase loop thickness of 10 km. We show that the relaxation time that controls the frequency band of attenuation and the velocity at which the interface evolves when submitted to a pressure disequilibrium, is likely larger than 7000 s. For this kinetics slower than typical seismic waves periods, the transformation loop does not affect S waves attenuation but potentially that of P waves and normal modes.
I N T RO D U C T I O N
Mantle material undergoes various phase changes that are induced by the increase of pressure with depth in Earth's interior. As these mineralogical transformations have finite kinetic times, they may dissipate the elastic energy carried by various seismic waves. Indeed, when an elastic wave propagates through a zone with a two-phase equilibrium, the associated stress oscillations disrupt the equilibrium and re-equilibration processes are activated. As the reaction is not infinitely fast, the re-equilibration does not instantaneously follow the perturbation induced by the wave. As a result, the wave undergoes attenuation and dispersion (see, e.g. de Groot & Mazur 1984, ch . XII, for a fluid-fluid phase change). Vaisnys (1968) estimates that this anelastic mechanism may significantly contribute to the attenuation in the Earth's mantle in the case of solid-liquid phase transformations. The possible attenuation effects of solid-solid phase changes are considered by Tamisiea & Wahr (2002) who conclude that the impact of phase change kinetics may be important for normal modes. Li & Weidner (2008) and experimentally study the low frequency compressibility associated with major mantle phase changes and propose that the resulting compressional attenuation may significantly affect seismic P and S waves. Ricard et al. (2009) show that a full viscoelastic model should be considered when modelling a solid-solid phase change and that it may induce both compressional and shear attenuation in two frequency bands, one of them being potentially in the range of normal seismic modes. This model has been challenged by , who advocates for an attenuation band located at much higher frequency.
The dispersion and attenuation are usually quantified by a volumetric quality factor Q accounting for attenuation occurring within large depth intervals such as the whole lower mantle (see e.g. Dahlen & Tromp 1998, Section 9.7) . This volumetric attenuation has been attributed to various mechanisms (stress induced motion of dislocations, thermoelastic relaxation, partial melting, the presence of fluid . . .) (see e.g. Jacskon 2007, for a review). The interfacial contributions to attenuation, occurring within the narrow zones of coexisting mineralogical phases, have been neglected. The 1-D seismic models of attenuation are deduced from normal modes/surface wave or body wave attenuation measurements. Because shear losses are dominant, early studies attempted to explain attenuation data by shear attenuation Q μ only (Anderson & Archambeau 1964; Kovach & Anderson 1964) . However, these models do not acceptably fit the damping of radial modes: bulk attenuation Q κ is required (Anderson & Hart 1978) . Various depth-dependent Q μ and Q κ models have since been developed (Anderson 1980; Dziewonski & Anderson 1981; Durek & Ekström 1995 Resovsky et al. 2005) . They only agree on some features: a low Q μ in asthenosphere, an increase with depth of Q μ and the necessity of a finite Q κ (see reviews by Romanowicz & Durek 2000; Romanowicz & Mitchell 2007) . Our knowledge of the radial structure of attenuation is limited by the weak sensitivity of normal modes to the lower mantle. Lawrence & Wysession (2006) suggest to enhance the resolution of the 1-D models by using differential S/ScS amplitude measurements. The next step in improving our knowledge of attenuation should be to jointly inverse S/ScS differential amplitude measurements, normal mode attenuation data and to take into account the frequency dependence of Q (Lekic et al. 2009) .
In this paper, we first apply the viscoelastic model for solid-solid transformation developed by Ricard et al. (2009) to quantify its effect on the attenuation of seismic modes as a function of the relevant physical parameters (phase change kinetics and thickness, elastic properties). The comparison of the predicted attenuation values with those observed for a selected mantle phase change provides constraints on its kinetic time. We also compute the reflexion coefficients of an SH wave with a normal incidence on an attenuating layer. We show that a careful analysis of these coefficients can bring additional constraints on the phase kinetics.
AT T E N UAT I O N I N A P H A S E T R A N S I T I O N
Attenuation of sound in a liquid undergoing a phase change is a classical example of irreversible process that leads to attenuation (de Groot & Mazur 1984) . The attenuation is expressed by a complex bulk modulus in the frequency domain, and more precisely it is found that the bulk modulus in such a liquid has a standard linear solid form:
where ω is the frequency of the sound wave, τ 0 is a characteristic time of the phase change, κ ∞ = κ(∞) is the bulk modulus at infinite frequency and κ 0 = κ(0) ≤ κ ∞ the bulk modulus at zero frequency. If the wave frequency is much larger than 1/τ 0 then the wave does not trigger a composition change: κ ∞ can be identified with the bulk modulus at constant composition and is often called the 'unrelaxed' bulk modulus. The unrelaxed compressibility, 1/κ ∞ , is the average of the compressibilities of the coexisting phases weigthed by their proportions. On the contrary, at very low frequency, the chemical reaction occurs at thermodynamic equilibrium and κ 0 is called the 'relaxed' bulk modulus. This modulus is simply the ratio of the pressure interval P over which the transformation occurs to the relative density difference ρ/ρ between the two phases: κ 0 = ρ P/ ρ. In the two extreme cases (ω = 0 or ω = ∞), the bulk modulus is real which means that no dissipation occurs. In the intermediate regime, κ depends upon the frequency and has an imaginary part that yields attenuation. In seismology, the usual implicit hypothesis is that no reaction occurs and to identify κ ∞ with the bulk seismological modulus. The model for attenuation of sound in a liquid is not sufficient for the purpose of seismology. First, the phase transformations in the mantle are not univariant but occur within a coexistence loop. For instance, the olivine to wadsleyite phase change at 410 km depth is about 10 km thick (Akaogi et al. 1989; Katsura & Ito 1989) and the garnet-to-perovskite transformation at 660 km about 50 km thick (Akaogi et al. 2002; Hirose 2002) . Secondly, in a solid Earth material, shear deformation also attenuates the wave energy. Thirdly, because of the elastic shear stress, the bulk wave deformation is not entirely transmitted to the minor grains of the mineral aggregate. Thus, Ricard et al. (2009) made a simple thermomechanical model of the equilibrium loop of a divariant solid-solid phase transformation involving both bulk and shear deformations. They show that the resulting medium has a standard linear solid viscoelastic behaviour whose attenuation mainly depends upon the phase change kinetic rate. When no reaction occurs, the two phases have the same velocity measured on the grain interface, so [v] = 0 ([v] is the jump in normal velocity on the interface). When the normal stress changes by δσ n , Ricard et al. (2009) assumes that the interface moves with a linear kinetics
where the kinetic constant C is expressed as a function of R e , a typical grain size, a typical high-frequency incompressibility κ ∞ and τ a kinetic time constant. They obtain that the bulk and shear moduli are given by
In these equations, similar to eq. (1), τ κ and τ μ are the bulk and shear characteristic relaxation times [in Ricard et al. (2009) , τ κ and τ μ were labelled τ 1 and τ 3 and were expressed in eqs (14) and (27)]. The elastic parameters κ i and μ i are the bulk and shear moduli at periods much longer than seismic periods but shorter than the mantle Maxwell time (see eqs (15), (25) and (26) for κ i and μ i in Ricard et al. 2009 ). Within a purely elastic matrix, the shear stresses never totaly relax; they vanish only if the viscous relaxation is taken into account but this occurs on the much longer Maxwell time scale η/μ ∞ of a few thousand years (η is viscosity, which is likely a result of diffusion creep between grains). This is why there exist this 'intermediate frequency' moduli κ i and μ i that can be considered as relaxed with respect to the short time scale of seismic waves and can be seen as unrelaxed with respect to the large time scale of viscous flow. In other words, κ i = κ 0 and μ i = 0 only if μ ∞ = 0. These low frequency moduli, like the characteristic times τ κ and τ μ , vary slightly with the phase composition within the equilibrium loop (see Ricard et al. 2009 , Fig. 2 ), but the second remain close to the time τ defined in eq. (2) with τ μ ≈ 0.6 τ slightly larger than τ κ ≈ 0.4 τ .
To illustrate the possible attenuation associated with a phase transformation, we consider the transition of olivine to wadsleyite, which is responsible for the major characteristics of the interface at the depth of 410 km. We choose this interface because it is believed to be a simple one where only one divariant phase transition occurs, a transition that does not need a large scale diffusion of elements and thus may occur relatively rapidly. A thickness of the transition between 5 and 10 km is often proposed from mineralogy or seismology (Akaogi et al. 1989; Katsura & Ito 1989; Shearer 2000; Ricard et al. 2005; Frost 2008 Within the transition, in the model of Ricard et al. (2009) , κ i and μ i depend on κ 0 , κ ∞ , μ ∞ and upon the volumic proportion φ of the two phases in the aggregate, but not on the kinetic constant C. Their evolution, assuming a linear variation of φ with the depth in the phase transition zone, is shown Fig. 1 . τ κ and τ μ depend on κ ∞ , μ ∞ , φ and the kinetic constant τ . κ 0 , κ ∞ and μ ∞ are known from radial Earth models. Using PREM (Preliminary Reference Earth Model) values, yields κ ∞ ≈ 180 GPa, κ 0 ≈ 7 GPa, ρ/ ρ ≈ 20 and μ ∞ ≈ 85 GPa (see Fig. 1 ).
If the phase kinetic constant C were known with accuracy, it would be straightforward to predict the attenuation of body waves and seismic modes. However, available information on phase kinetics from laboratory experiments is limited (Kubo et al. 1998a,b; Liu et al. 1998; Mosenfelder et al. 2001; Li & Weidner 2008) . Most laboratory measurements have been performed at temperatures up to 400 K lower than the temperatures relevant to average mantle at 410 km and significant pressure overshoots have been imposed to activate the phase change (e.g. Mosenfelder et al. 2001) . The experimental conditions (isothermal with small grain sizes) are also different from those in the mantle (adiabatic with likely larger grain sizes). Furthermore, minor components can significantly affect the phase kinetics, for example the presence of hydrogen protons can speed up the chemical diffusion by a factor of 50 (Hier-Majumder et al. 2005) . All these experiments, however, suggest rapid kinetics with characteristic times comparable with seismic wave periods. In Sections 3 and 4, we constrain the relaxation time of the phase transition at 410 km depth using seismic observations. We come back to the implications of the seismic observations for the phase kinetics in the Discussion section.
I N F L U E N C E O F P H A S E C H A N G E S U P O N S E I S M I C M O D E S

Mode attenuation
Seismic mode attenuation is usually estimated using a perturbation of a reference spherical non-attenuating model with real elastic parameters. According to Dahlen & Tromp (1998, eq. 9.54) , the attenuation of a mode q (the inverse of its quality factor Q) can be expressed as a linear functional of the local attenuation:
where K κ (r) and K μ (r) are respectively the compressional and shear kernels, R the Earth's radius and δ i κ and δ i μ the imaginary parts of the bulk and shear moduli. The purpose of this section is to estimate the part in the mode attenuation that comes from the phase change zone only. If we express the imaginary part using eqs (3) and (4) and insert them into eq. (5), we see that the attenuation as a result of the phase change only is given by
where r − and r + are the lower and upper radii of the phase transition region.
In eq. (5), the kernels K μ and K κ are computed for a reference model. In our case, the reference model is also dependent on the period as the unrelaxed high frequency value κ ∞ and μ ∞ can be significantly different from the relaxed low frequency κ i and μ i (see Fig. 1 ). Thus, to minimize the perturbations we compute two sets of kernels using the program MINEOS. The unrelaxed reference model (i.e. PREM replaced near the transition by the thick lines of Fig. 1 ) is used when ωτ > 1, the relaxed model (i.e. PREM replaced near the transition by dashed lines of Fig. 1 ) when ωτ < 1. As the time constants do not vary much within the loop, we can replace with a good approximation eq. (6) by
where we use τ μ ≈ 0.6 τ and τ κ ≈ 0.4 τ . The bulk and shear attenuations for the various modes are directly proportional to the kernels at the considered depth. Some examples of the compressional and shear kernels, computed with respect to the unrelaxed model, for radial modes 0 S 0 , 1 S 0 and 2 S 0 are shown in Fig. 2 . These kernels do not cancel in the mantle transition zone and the mode attenuations are therefore affected by the phase changes occurring in this region.
Data set
Observations are provided by broad-band seismology that yields estimates of mode attenuations. The REM website gives measurements for 175 spheroidal and 73 toroidal seismic modes obtained by different authors (Li et al. 1991; Masters & Widmer 1995; Durek & Ekström 1996; He & Tromp 1996; Resovsky & Ritzwoller 1998; Masters, G., Laske G., Romanowicz, B. and Um, J., unpublished) . When different q-values are given by several authors for the same mode, we average them. Two measurements are not included in the REM compilation, the modes 0 S 2 and 5 S 13 , which we get from Masters & Widmer (1995) . Taken together, spheroidal and toroidal data sets yield a total of 250 q-values shown in Fig. 3. 
Constraints on the attenuation band
The values of q 410 associated with the olivine to wadleyite phase change are computed for various modes using the values of κ ∞ , κ i , μ ∞ and μ i shown in Fig. 1 and considering an arbitrary kinetic time τ of 250 s. They are presented in Fig. 4 showing that the influence of the phase change upon mode attenuation is significant compared to the observed q obs , particularly for spheroidal modes. The shape of the curves with the harmonic degree is related to compressibility and shear kernels. 5 shows the curve q 410 (τ )/q obs for various modes as a function of τ . When it is greater than 1, the contribution of the phase change alone is predicted to be larger than the observed value: this is impossible and excludes an interval of τ values. For instance, the observed attenuation of the mode 0 S 0 implies that the reaction time of the olivine to wadsleyite reaction at mantle conditions is strictly slower than 387 s or strictly faster than 185 s. All together, upon the 250 measurements of q, 19 modes have their predicted q 410 -values larger than that observed. In Fig. 6 the forbidden bands are detailed for each of the 19 modes labelled along the horizontal axis, that all together, exclude the periods shadowed on the graph. Therefore, to Inferring the consequences of q 410 (τ )/q obs ≤ 1 does not mean that this bound can be reached. Indeed, observed mode attenuations cannot be explained entirely by the 410 km phase transition as volumetric attenuation occurs elsewhere into the Earth. To refine the constraints on τ , one would wish to subtract the known volumetric attenuation to q obs . This cannot be done rigorously. However, as PREM or QL6 (Durek & Ekström 1996) already explain the attenuation of the modes within 12 and 11 per cent and as various phase transitions could be considered (at least that at 670 km depth), we can reasonably consider that the 410 km depth phase transition can hardly contribute to the mode attenuation by more than 10 per cent. The corresponding bound, q 410 (τ )/q obs ≤ 0.1, implies that all kinetics times τ must belong to [0, 1.5] ∪ [7000, +∞] s (as seen in Fig. 5 ). Eqs (5)-(7) are obtained by linearly perturbing an elastic model. We check a posteriori that this approximation is valid: for τ < 1.5 s or τ > 7000 s the relative perturbations of the elastic parameters in the coexistence loop are less than 0.1 per cent.
I N F L U E N C E O F P H A S E C H A N G E S U P O N R E F L E X I O N C O E F F I C I E N T S
The normal modes impose either very fast or very slow kinetic times. We now try to put more constraints on the exclusion range by considering the effect of phase transition on body waves. Indeed, if the kinetic time is shorter than or within the range of body wave periods, body waves crossing the phase loop will experience partially relaxed elastic moduli and a strong attenuation that will affect their propagation and therefore the reflectivity of the 410 km depth discontinuity. We are, therefore, going to compare the observed and computed normal incidence reflexion coefficients of an S wave crossing the phase transition. Revenaugh & Jordan (1991) estimate the normal incidence reflectivity of the 410 km discontinuity by inverting the amplitude of the ScS n and sScS n core-reflections phases for short epicentral distances and periods of 40 s in South West Pacific. They found a reflection coefficient at 410 km of about 5 per cent. Another study by Revenaugh & Sipkin (1994) uses the same kind of data but under China, and reports reflection coefficients varying from 3 to 6 per cent for periods of 25 s. The horizontal component of the SS precursors that under-reflect on the 410 km discontinuity, denoted S410S, can also constrain the normal incidence reflectivity of the discontinuity. These phases have been used by Chambers et al. (2005) who find a reflection coefficient for periods of 15-75 s of about 4.4 ±1.4 per cent. We will, thus take as an observational constraint a reflection coefficient of 3 to 6 per cent for incidence close to normal and for periods ranging from 20 to 40 s.
Reflectivity measurements
Body wave reflection coefficient in a layer undergoing a phase change
We perform the computation of the reflexion coefficients of a loop layer having exactly the complex rheological laws of eqs (3) and (4), embedded between two elastic half-spaces. The elastic waves are propagated using the Thomson-Haskell matricial propagator method (Haskell 1953; Kennett 2009 ). The layer is divided into n sublayers to take into account the evolution of κ i , μ i (see Fig. 1 ) and of the density (linearly varying through the loop). In each sublayer the motion equation is solved and the continuity of displacement and stress is applied at each interface. It yields the reflexion and transmission coefficients, function of the wave frequency and of the phase kinetic time. The reflexion coefficient is shown for a downgoing wave, normal to the interface (Fig. 7) , and is very similar for an upgoing wave. Fig. 7 shows the reflexion coefficient of the interface as a function of the kinetic time τ and the wave period. Constructive and destructive interferences of the multireflected waves lead to oscillations of the reflexion coefficients when the period of the seismic wave approaches zero (Lees et al. 1983) . For the typical period that have been used for seismic observations (20-40 s), the transitional kinetic time for which the loop properties change from relaxed to unrelaxed is around τ = 5 s. For a slow kinetics of the phase transition, τ 5 s, the wave propagates in a PREM-like model and the reflexion coefficient is typically of order 3 per cent. For a fast kinetics, τ 5 s, the phase loop behaves as a low velocity layer which traps the incident wave and the computed reflexion coefficient is Figure 7 . Reflexion coefficient of a vertically propagating SH wave through a 10 km thick attenuative layer which undegoes the phase change olivineto-wadsleyite, as a function of phase reaction time τ and wave period. For typical 20-40 s periods, the phase loop is an unrelaxed layer for τ 5 s, whereas for τ 5 s it appears as a relaxed (and low velocity) layer.
Constraints on the kinetics
much higher than what is observed. Examining Fig. 7 and taking into account the constraints from the observations that the reflexion coefficient is between 3 and 6 per cent for periods ranging from 20 to 40 s, we can deduce that the body wave observations impose a kinetic time either in [5, 8] ∪ [63, +∞] s.
D I S C U S S I O N
We have designed a method to quantify the contribution to attenuation resulting from regions with coexisting phases using seismic modes and body wave reflexion coefficients. An example with the transition at 410 km shows that the effect is not negligible and strongly depends on the characteristic time τ of the phase change.
Comparing observations and our numerical predictions, normal mode attenuation data and body wave reflection coefficients can thus constrain τ ; in the case of a 10 km thick olivine to wadsleyite phase change we find that τ must strictly belong to [5, 8] Kubo et al. (1998a) and (b) Li & Weidner (2008) .
approach has enabled us to identify the kinetics that are in contradiction with seismic observations and therefore that must be excluded. This does not imply that accounting for interface attenuation in 1-D seismological model would necessarily significantly improve the fit with observations of Earth's attenuation. However, this suggests that interfacial attenuation should be considered in seismological models. A noteworthy consequence of the phase change is that it yields a shear as well as a bulk attenuation. Because bulk attenuation is on average small outside phase changes, compressional modes provide a strong constraint on the phase kinetics: as shown by Fig. 6 , the exclusion intervals are provided by modes 0 S 0 , 3 S 0 and 5 S 0 . Because of the shape of mode kernels, most of the attenuation of these spheroidal modes is a result of bulk relaxation.
The thickness of the phase change is a parameter that affects the results and is poorly known. The evolution of the forbidden bands as function of this thickness is depicted in Fig. 8 (coloured shades) . For a thickness of 10 km, we recover the possible intervals that we discussed before: [0, 1.5] ∪ [7000, +∞] s for the modes and [5, 8] ∪ [63, +∞] s for the body waves, which together impose τ > 7000 s. The properties of a very thin transition zone do not affect much the attenuation of modes (below 600 m thick) and the reflexion coefficients (below 2-3 km thick) and are therefore invisible to seismic observations. However, such a thin transition zone would be in contradiction with mineralogical and seismological data (e.g. Katsura & Ito 1989; Shearer 2000) . For a larger thickness, the exclusion band is controlled at low frequency by seismic modes (assuming q 410 < 0.1 q obs ) until a thickness of 40 km. In the range of thicknesses of 1-40 km, the kinetic time τ must be larger than a minimum time τ min increasing linearly with the transition thickness, h, and thus of order τ min (s) ≈ 700 h(km) (dotted red line on Fig. 8 ). The reflexion coefficient forbids the too short kinetic times. Above 40 km, Fig. 8 shows that the predicted mode attenuations or reflexion coefficients are always in contradiction with the seismic data. Because for such a large transition the reflexion coefficients become too small, the maximum thickness allowed for the olivine to wadsleyite phase change is thus 40 km.
The bulk attenuation within the transformation loop is given by:
The limit τ = 7000 s is larger than body waves and normal modes periods (ωτ 1) and imposes a maximum value for the attenuation in the loop q κ < (κ ∞ − κ i )/(ωτ κ κ ∞ ). Similar expressions hold for q μ . These limits are depicted in Fig. 9 (considering mean values in the loop κ i ≈ 100 GPa, μ i ≈ 50 GPa) and compared with uppermantle PREM values. It shows that the shear attenuation q μ of body waves within the transformation loop (solid red line) is less than that of the upper mantle (dashed red line): the transformation loop should not affect the S-wave attenuation. On the contrary, P-wave attenuation is potentially affected by the transformation loop. For normal modes, the transformation potentially affects q κ and also q μ . However, the fact that the phase transformation can affect seismic attenuation in a 10 km thick layer does not imply that seismic 1-D models have yet enough depth resolution to identify this layer. Morris (2002) writes V = c δσ n , where V is the interface velocity. His definition is not appropriate for our model in which compressibility allows the motion of the interface even without phase change. We, therefore, use [v] = Cδσ n [see eq. (2)], however, as the interface velocity is rather a result of phase change than of compressibility, C ≈ ( ρ/ρ)c. Using experimental values on olivine-wadsleyite transformation for 1 mm grain size and the low temperature of (Kubo et al. 1998a; Morris 2002 )], we predict τ = 25 000 s for a grain size of 1 cm (note that in Ricard et al. (2009) , we wrongly identify the measured c with our C, and 1250 s would have been found for the same grain size). This kinetic time is shown in Fig. 8 [blue point (a)] and is compatible with the seismically deduced constraint τ > 7000 s and this is true as soon as the grain size is larger than 2.5 mm in the transition loop. The value predicted by Li & Weidner (2008) , τ = 0.01 s is also plotted [blue point (b)]. Their reaction rate measured for the olivine-ringwoodite transition lies in the exclusion zone and is significantly faster than the seismically deduced constraints for all reasonable grain sizes. However, we do not understand how the data are extrapolated from the laboratory to the real Earth by Li & Weidner (2008) and . These authors themselves consider that, driven by an excess pressure of 1 GPa near the middle of the loop, the grain interfaces move by 2 μm within a characteristic time of 4000 s (see e.g. Li & Weidner 2008, fig. 2 ). A typical interface velocity that can be deduced from their experiments, c = 0.5 nm s −1 GPa −1 is significantly slower than that deduced from Kubo et al. (1998a) and should lead to an attenuation band at much longer period.
The kinetic time τ that we deduce is only based on seismological data. Its relation to the phase kinetics parameter C assumes linearity between interface velocity and pressure perturbation. Such linear relation may be a result of an intrinsic finite rate of return to thermodynamic equilibrium or to other kinetic effects. Indeed, even at thermodynamic equilibrium, thermal diffusion of latent heat or chemical diffusion of elements both impose a linear relation between interface velocity and pressure perturbation (Loper & Fearn 1983; Tamisiea & Wahr 2002) .
This constraint can also be applied to estimate a typical undulation of the 410 km interface, δz, because of the metastability of olivine. For a vertical velocity v z and using eq. (2) with the stationarity condition v = v z , it is possible to express δz:
where ρ is the density and g the gravity. Using v z = 1 cm yr −1 , ρ = 3600 kg m −3 , g = 10 m s −2 and τ = 7000 s, it yields a distance of about 10 km. This estimate is valid for a normal mantle temperature, in cold subducting slabs the kinetics would be much slower and the metastable wedge would reach much larger depth (Kirby et al. 1996; Mosenfelder et al. 2001) .
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